Data from two marine eld experiments in the Baltic Sea with stable strati cation have been analysed. The purpose was to test the concept of the 'detached' or 'top-down' eddies and the 'shear-sheltering' mechanism in the presence of a low-level wind speed maximum in the atmosphere. Data used include turbulence and pro le measurements on two 30 m towers and concurrent wind pro les throughout the boundary layer obtained from pilot-balloon soundings.
INTRODUCTION
In previous studies (Smedman et al. 1995 (Smedman et al. , 1997 it was shown how the presence of a wind maximum at a low height (40-300 m) above the water surface at two marine sites appears to have strong in uence on the turbulence structure of the layer below the jet. The general observed effect is a decrease in energy of relatively largescale uctuations, in particular in the horizontal along-wind direction. In Smedman et al. (1997) the similarity of the observed phenomena in the atmosphere with socalled shear suppression observed in toroidal plasma con nement devices was discussed (Terry 2000) . This plasma turbulence phenomenon is characterized by the simultaneous formation of strong shear, steep gradients of density and temperature, a marked decrease in uctuation activity, and an increase in the time for which heat and particles are con ned in the device. However, no attempt was made to explain the dynamics involved.
If attention is focused on the simultaneous presence of strong shear and suppression of turbulence, an apparent paradox results, because production of turbulence is proportional to the magnitude of the shear, so increased shear would be expected to lead to increased turbulence rather than to 'suppression'. The situation is, however, very different if one considers the fate of eddies which are present in the layer immediately above the strong shear zone and which move towards this zone. As shown by Hunt and Durbin (1999) , eddies which move with a horizontal velocity close to that of the mean ow and which have appropriate size are prevented from penetrating through the shear zone-the process of shear sheltering.
In section 2 a brief outline of the dynamics of shear sheltering is given, indicating qualitatively which effects would be expected in the atmospheric boundary-layer case with a low-level jet. In section 3 data from two atmospheric experiments are presented and analysed.
2. THEORY Hunt and Durbin (1999) discuss a wide class of ows characterized by 'interactions between different types of velocity elds that are separated by thin interfacial layers, where there are dynamically signi cant variations of vorticity across the layers and, in some cases within them'. They argue that, depending on the actual ow situation, two interacting velocity elds may 'resonate with each other and perhaps cause extra turbulence at the interface', or 'mutually exclude each other across the interface'. The latter situation is what the authors term shear sheltering. A short introduction to the physics behind the phenomenon is given below, based on the comprehensive text of Hunt and Durbin (1999) , and the reader is referred to that paper for details.
The main tool used by Hunt and Durbin (1999) is rapid-distortion theory (RDT, Townsend 1976) . Figure 1 (a) shows the result of such calculations for a situation which bears some similarity to the atmospheric boundary-layer case. The ow is fully turbulent in the two regions [F1] and [F2] , but there is mean shear only in [F2] . The RDT calculations show what happens to detached eddies present in the upper layer which are moving towards the lower region. The graph on the right-hand side of Fig. 1(a) shows that the turbulence statistics change rapidly across the interface between the two regions. Thus the longitudinal velocity uctuations (circles) increase to a maximum at the interface itself, being very much reduced below the interface. The vertical velocity uctuations (crosses) are also strongly reduced in [F2] compared to their level in the upper region, although the variation of this quantity is continuous across the interface. The Reynolds stress (line with vees) is seen to change sign at the interface.
The result shown in Fig. 1(a) is valid for eddies moving horizontally with the velocity of the mean ow in the layer immediately above the shear layer. The calculations show that the result is very sensitive to the horizontal velocity of the disturbance and to: 'the timing and sequence in which the different components of the mean and turbulent ow are introduced or generated; this can make the difference as to whether the uctuations are exclusive, as in shear-sheltering situations, or whether mean shear co-exists with external uctuations and then slowly interacts with it'. Hunt and Durbin (1999) introduce an idealized two-dimensional case for which shear sheltering can be studied using simple analytical means, and which can serve the purpose of highlighting the basic dynamics of this phenomenon. An example of how the shear-sheltering mechanism affects interaction between free-stream turbulence and a boundary layer is given by Jacobs and Durbin (1998) . As shown in Fig. 1(b)(i) , the ow is uniform with speed U [1] in region [F1] above a thin intermediate layer of depth h, and also uniform but with speed U [2] , in the layer [F2] below. An eddy with length L is moving horizontally with speed c D c r C U [S] , where -v-v-v) . From Hunt and Durbin (1999) . (b) Large-scale turbulence above a thin vortex sheet: (i) free stream disturbance in region [F1] travelling near a thin shear layer with a velocity c r relative to the average velocity U [S] in the layer; (ii) the degree of shear sheltering as de ned by the rms vertical velocity uctuation in region [F2] just below the shear layer, as a function of the ratio of the relative disturbance speed c r to the velocity jump 1U=2; (iii) schematic explanation of how a vortex sheet 'blocks' and 'shelters' the velocity induced by an eddy travelling at a relative velocity c r through strengthening the vortex sheet at convergence points C u , C d , and reducing it at the divergence point D 0 . From Hunt and Durbin (1999) . .0/=u 0 , where v [2] .0/ is the vertical velocity uctuation just below the shear layer, as a function of c r =.
1 2 1U /. It is seen from the gure that v [2] .0/=u 0 D 0 for c r =.
, in agreement with the result obtained above. From Fig. 1(b) (ii) it is evident that effective shear sheltering is restricted to a rather narrow range of values for c r =.
1 2 1U /. The above derivation is for the case of a two-dimensional eddy. As shown in Hunt and Durbin (1999) the result can, however, easily be extended to apply for a three-dimensional eddy approaching a vorticity sheet as well.
When it comes to possible application of the above ideas to an atmospheric boundary layer with a wind maximum at low level, it is evident from the above discussion (see Hunt and Durbin (1999) for further details) that shear sheltering may occur. But it is by no means certain a priori that this actually happens, because it requires that detached eddies moving with a horizontal speed close to that of the mean ow and having 'appropriate size' (see Hunt and Durbin 1999) are present above the wind maximum. It is also not at all clear from the theory which easily measured parameter(s) should be used to quantify the effect. Figure 2 illustrates schematically the velocity pro les and the corresponding vorticity pro les for the two idealized situations discussed above. Figure 3 shows an atmospheric case with a low-level wind maximum at about 100 m above the water surface (line with dots). For comparison, a modelled case is also included (the model is described in Bergström (1986) ) with the same geostrophic wind, U g , and approximately the same value for the Monin-Obukhov length, L (for de nition see Eq. (A.2)) in the surface layer, but with no low-level wind maximum. (Note that a modelled, rather than a measured, pro le has been used for the case without a low-level jet in order to get a pro le representing the same combination of U g and L, as shown in Bergström (1986) ; the model, which is a straightforward extension of Monin-Obukhov theory, has been successfully tested against atmospheric data for the no-low-level jet case.) As shown in Fig. 3(b) , the vorticity is strongly enhanced in the layers below the jet compared to the case without a low-level wind maximum. , and a modelled case (Bergström 1986 ) without a jet but with the same geostrophic wind and roughly the same value of Monin-Obukhov length for the surface layer; (b) corresponding vorticity pro les for actual and modelled wind pro les in (a).
In section 3 data from two marine eld experiments are analysed to search for possible evidence of effects from shear sheltering.
RESULTS FROM ANALYSIS OF ATMOSPHERIC BOUNDARY-LAYER DATA (a) The data
The data used in this study are taken from two eld experiments in the Baltic Sea, performed at the two sites shown in Fig. 4 . Smedman et al. (1995 Smedman et al. ( , 1997 .
(i) Nässkär (58 B 57 0 N 18 B 24 0 E) is situated in the outer parts of the Stockholm archipelago; the island is a at rock of horizontal dimensions 20 £ 70 m and maximum height 2 m, with no vegetation. Only data with winds from north-east through south to south-west were used, the over-water fetch for this sector being >100 km. Turbulence measurements with Meteorology Institute Uppsala University (MIUU) instruments (Högström 1982; Bergström and Högström 1987) were made on a tower at 8 and 31 m above mean sea level. This instrument is a wind-vane based, three-axial hot-lm probe, with additional sensors for rapid measurement of dry-and wet-bulb temperatures. Additional, slow-response measurements of wind speed and temperature were performed at several levels on the tower; see Bergström and Smedman (1994) and Smedman et al. (1995) for further details.
(ii)Östergarnsholm (57 B 25 0 N 18 B 59 0 E) is situated 4 km east of the big island of Gotland; it is at and covered only with low vegetation; a 30 m tower is sited about 1 m above mean sea level at the southernmost tip of the island. For winds from east to southwest in a clockwise sense, the over-water fetch is >150 km. During the particular period used in this study (May-June 1995) the tower was equipped with a MIUU turbulence instrument at 8 m and with additional slow-response sensors for wind and temperature at several levels (see Smedman et al. (1997) for further details). Also used in the present study are data from radio soundings and pilot-balloon wind measurements from the two sites.
The situations chosen for analysis from the two sites are characterized by a more or less stably strati ed boundary layer, and a pronounced wind maximum at a low height, 40-300 m above the surface. For reference purpose, similar situations with no low-level wind maxima are included. All cases represent winds from a sector with more than 100 km undisturbed upwind over-water fetch. Although the situations at the two sites have important similarities-stable strati cation and frequent low-level wind maximathere are also important differences between the two datasets, theÖstergarnsholm data representing a generally more strongly stable ow. In addition, conditions at Nässkär were relatively stationary, i.e. the mean elds varied only slowly, the jet being an analogy in space to the well-known nocturnal jet over land. The conditions during thë Ostergarnsholm May-June 1995 campaign were subject to rapid uctuations on the mesoscale. These uctuations were shown by Högström et al.( 1999) to be the result of two-dimensional strati ed turbulence.
(b) Normalized velocity standard deviations and correlation coef cient
The coordinate system used in the analysis of the atmospheric data differs from that used in section 2, being in accordance with meteorological practice, i.e. the x-axis is along the mean wind, the y-axis is the across-wind component and the z-axis vertical.
In Smedman et al. (1995) it was shown (their Fig. 10 ) that the normalized standard deviation of the longitudinal component, ¾ u =u ¤ (where u ¤ is the friction velocity), the corresponding lateral component ¾ v =u ¤ , and the vertical component ¾ w =u ¤ , measured at 8 m at Nässkär, all increase with height, h, to the low-level wind maximum. It was noted that the numerical values for these parameters for the case corresponding to the lowest value of h D 40 m were close to the corresponding values obtained in at-plate non-accelerating turbulent boundary layers, the so-called 'canonical' boundary layer. This is consistent with the nding by Jacobs and Durbin (1998) that the shear-sheltering mechanism operates at the level where the curvature of the mean wind pro le changes signi cantly over the eddy-scale. Therefore, the relevant non-dimensional group to assess the strength of this mechanism is
Since we are focusing on the largest eddies, which at height h are comparable with the boundary-layer height, ±, then dU=dz » u ¤ =± and L x » ±, so that
where U max is the maximum velocity, which is observed to occur at height h. Thus, U max = h 2 is an approximation for the curvature. A more speci c criterion using a local estimated value of L x » u ¤ =dU dz, is at the Nässkär site, but the few data points fromÖstergarnsholm (see Fig. 5 caption) t well into the general pattern. It is clear from these graphs that all three normalized standard deviations increase systematically with Rf (as is found in other strati ed ows, e.g. Hunt et al. (1985) ). For Rf < 0:05 a certain ordering of the values of the standard deviations with 6 J is observed for all three components: for small values of In Högström et al. (2002) it is shown by means of data from ten sites that ¾ w =u ¤ increases systematically with height in the neutral atmospheric surface layer, giving 'typical' values in the range 1.2 to 1.3 (but values in the range 1.1 to 1.5 do occur). The observed variation is shown in that paper to adhere closely to a prediction by Hunt and Morrison (2000) , obtained with RDT computations, being a result of detached eddies of relatively large scale impinging onto the surface. This effect is predicted by Hunt and Morrison (2000) to occur when the turbulent Reynolds number, Re ¿ D u e L e =º, is large enough. Here u e and L e are a typical eddy velocity and length-scale, respectively, and º is kinematic viscosity. This is the case in the atmospheric surface layer, for which Re ¿ ¼ 10 6 , but it does not occur in the typical canonical laboratory boundary layer where Re ¿ is less than 10 4 . In the light of this theory, it is reasonable to interpret the observed reduction of the normalized standard deviations to their canonical values in the case of large values of 6 J as a result of shear sheltering, which effectively blocks the detached eddies of relatively large scale.
The near-neutral result for ¾ w =u ¤ is shown for a much more restricted range of Rf in Fig. 6 . Here data from 8 m at Nässkär have been divided into two groups according to the value for parameter 6 J . It is clear that data with 6 J D 0:012 scatter around 1.0, whereas data with 6 J D 0:0034 have a value of around 1.2, in general agreement with the result of Fig. 5(c) .
(c) Spectral analysis Figure 7 (a) shows mean spectra for the longitudinal component from Nässkär in the representation introduced by Kaimal et al. (1972) , i.e. the spectral estimate multiplied by frequency, nS x .n/ has been normalized with the corresponding velocity component variance, ¾ 2 x , and plotted against normalized frequency, f=f 0 , where f 0 is the frequency obtained at the intersection of the inertial subrange asymptote and nS x .n/=¾ 2 x D 1. Kaimal et al. (1972) showed that their measured spectra in the stable atmospheric surface layer collapse remarkably well in this representation, implying that the form of the spectra would be independent of height and stability. The 'universal' Kansas curve, suggested by Kaimal et al. (1972) is included in Fig. 7(a) as the full line. It is, however, known (Högström et al. 2002) that the Kansas spectra analysed by Kaimal et al. (1972) were high-pass ltered, and that the low-frequency range of the spectra does not, in fact, collapse in this representation, so we do not expect our spectra to follow the Kansas curve in this range.
The Nässkär spectra have been divided into the two categories: 'No low-level jet' (NoLLJ) and 'Low-jet' (LLJ), as shown in Fig. 7(a) . The LLJ curve is the mean of 118 half-hour spectra taken from cases with a wind maximum present at a height between 40 and 300 m above the surface. The corresponding NoLLJ curve is a mean of 56 half-hour spectra when no low-level wind maximum is present. These two mean spectra represent the same measuring height, 8 m, and roughly the same stability range, 0 < z=L < 0:5 (see below). Thus, considering only traditional local parameters, it would be expected that these curves would coincide with each other, although not with the Kansas curve.
The actual curves do, however, differ considerably in the range 2 £ 10 ¡2 < f=f 0 < 4, where spectral energy is clearly suppressed in the LLJ case. Thus, in spite of the fact that the LLJ curve is much closer to the Kansas curve (full line), the conclusion is that this curve displays suppression of spectral energy. This has the effect that the spectral maximum point moves to a frequency about a decade higher.
One might ask if the big systematic difference between the LLJ and NoLLJ curves could be due to systematic differences in stability among the spectra in the two groups. In fact there is a certain systematic difference. But making the reasonable assumption that increasing stability would tend to reduce the energy of relatively large eddies, the observed difference in stability between the two groups would be expected to act in the opposite direction from what is observed, the LLJ spectra representing a mean z=L of about 0.1 and the NoLLJ spectra a mean z=L of about 0.3. Note that Richardson number Ri ¿ 1:0, so that shear dominates.
Also in the vertical velocity spectrum, Fig. 7(b) , there is a clear effect of spectral energy suppression in approximately the same f=f 0 range as observed in the longitudinal spectrum. Note that in both graphs there is very good collapse of the data from the two groups in the spectral range above about f=f 0 D 4.
In Smedman et al. (1997) examples of plots of individual spectra from Ostergarnsholm are given. The effect of suppression of low-frequency energy is equally clear there as in our Fig. 7 , but in addition another signi cant feature is seen. As is clear from the case shown in Fig. 8 , both the longitudinal and lateral velocity spectrum exhibit a pronounced spectral minimum. Analysis of the May-June 1995 dataset from Ostergarnsholm reveals that the ratio nS u .n/ max =nS u .n/ min appears to be strongly related to the presence of a low-level wind maximum. Unfortunately pilot-balloon soundings from this measuring period atÖstergarnsholm are too few to allow a meaningful plot of the spectral ratio to wind pro le curvature, analogous to the procedure in subsection 3(b). As shown in Fig. 9 it is, however, found that the ratio of the spectral maximum to the corresponding spectral minimum is closely related to the local wind gradient, the The data have been divided into two groups: LLJ with a wind maximum present at low levels, and NoLLJ without such a maximum. Also included is the curve (labelled Kansas) suggested by Kaimal et al. (1972) , their Eq. (23). (b) As (a) but for the vertical component. The LLJ spectrum is the mean of 118 half-hour spectra from 8 m at Nässkär (see Fig. 1 ) for which 300 > h > 40 m, where h is the height; the NoLLJ spectrum is the mean of 56 half-hour spectra for NoLLJ cases. Adapted from Smedman et al. (1997) .
ratio increasing almost linearly in the mean with the magnitude of the wind gradient. The analysis shows further, that no relation to stability is found for this spectral ratio. In view of Fig. 7 it is reasonable to make the hypothesis that the apparent relation seen in Fig. 9 is a manifestation of shear sheltering.
(d) Length-scale analysis The observed suppression of low-frequency uctuations in the spectra (Figs. 7(a) , (b) and 8) is observed to result in a systematic increase in the frequency for the spectral maximum. This corresponds to a systematic decrease in the wavelength of the maximum,¸m ax in the nS u .n/ spectrum. This must be closely related to a corresponding reduction of turbulence integral scales, which are intrinsically related to the forms of the spectra (e.g. Townsend 1976 ). We now wonder whether this reduction is consistent with the general expression (originating with Riley and Corrsin 1974) for the length-scale L .x/ z in the streamwise direction of the vertical velocity component in this particular type of turbulent shear ows. The general expression that has been proposed for L .x/ z in strati ed shear ows is:
where A B and A S are both of order one and @U=@z 6 D 0. The average value of the shear, h@U=@zi, is equal to the local value of @U=@z. But in a jet where @U=@z D 0, the average value is taken over the eddy-scale (Hunt et al. 1989) . In a neutrally strati ed, non-accelerating surface layer both terms are comparable. In stably strati ed ow, if the buoyancy forces dominate over the shear effect, e.g. wave-like internal motions (Hunt et al. 1985) , it is pertinent to introduce a length-scale of order ¾ w =N (Brost and Figure 9 . Ratio of the high-frequency maximum in velocity spectrum S u .n/ and the corresponding spectral gap minimum in the same spectrum plotted as function of the wind shear @U=@z. From Smedman et al. (1997) .
Wyngaard 1978), where
is the Brunt-Väisälä frequency, with g the acceleration due to gravity, T 0 is the mean temperature in K, and 2 is the mean potential temperature. Thus, for the stably strati ed case:
Smedman et al. (1997) found that for the case of the stable marine boundary layer studied by them, the rst term of Eq. (2) can be dropped and, further, that A S ¼ B ¼ 1, so that denoting the new length-scale by L U T , Eq. (2) becomes:
In Fig. 10 ,¸m ax has been plotted for the longitudinal uctuations,¸U against L U T . The graph shows that the wavelength of the maximum in the nS u .n/ spectrum increases nearly linearly with L U T . Note, that the plot is made up of data from both sites (see the legend) and that the two datasets appear indistinguishable. In Fig. 11 ,¸m ax has been plotted with separate symbols for all three velocity components. It is seen that all three maximum wavelengths increase linearly with L U T , but with widely differing slopes, indicating strong anisotropy as expected for stably strati ed ow.
The parameter L U T combines the effect of shear with the effect of stability. Plots of¸m ax against each term on the right-hand side of Eq. (4) separately give a pattern similar to that of Figs. 10 and 11 but with more scatter (not shown). In order to quantify this effect, regression analysis was performed for¸U against, in turn, L U T , ¾ w =N and ¾ w =@U=@z. This analysis was carried out for: (i) all data; (ii) data with Ri < 0:3; U is the wavelength for maximum energy in longitudinal uctuations; Ri is the Richardson number; L U T is the length-scale (Eq. 4); columns 3 and 4 are the individual terms of Eq. (4).
(iii) data with Ri > 0:3; (iv) data with Ri < 1:0; and (v) data with Ri > 1. Table 1 shows the standard deviation of¸U for each of these cases. It is clear that L U T gives the smallest standard deviation for all ve cases. For the least stable cases, Ri < 0:3, it is found that the buoyancy term gives a higher standard deviation than the shear term. It is reasonable to attribute the systematic spectral modi cation seen in Fig. 7 to the rst term in Eq. (4) and interpret this as an effect of shear sheltering. This is consistent with Hunt et al. (1985) .
EFFECTS FROM SHEAR SHELTERING ON TURBULENT SENSIBLE-HEAT FLUX IN THE SURFACE LAYER
From the above ndings, which show that the large-scale eddies over a fairly wide spectral range are being suppressed, it is reasonable to expect turbulent uxes in the surface layer also to be in uenced by shear sheltering (especially when stable strati cation is weak, i.e. z=L ¿ 1). For the case of the sensible-heat ux, it is convenient to use a bulk formulation, which de nes the Stanton number C H :
where w 0 µ 0 D H =½c p and H is the sensible-heat ux (W m ¡2 ), ½ is air density (kg m ¡3 ) and c p speci c heat at constant pressure (J kg ¡1 K ¡1 ), U is the wind speed (m s ¡1 ) at a reference height z which is usually taken to be 10 m, U s is the corresponding wind speed at the sea surface, being close to zero; µ s is sea-surface potential temperature and µ is potential temperature at height z. It is common practice to reduce C H to the socalled neutral Stanton number, C H N , which is obtained with the following expression (see appendix for a derivation):
where von Karman's constant · D 0:40, z 0 is the roughness length for momentum and z 0T the corresponding roughness length for temperature. As explained in the appendix, z 0 and z 0T are obtained from measurements of the momentum ux and the sensible-heat ux, wind speed at 10 m, and the difference between potential temperatures at 10 m and at the sea surface. 1980; Large and Pond 1982; DeCosmo et al. 1996) . The mean value for the LLJ cases is less than half of the NoLLJ value, being 0:30:10 ¡3 . The wind speed was in the range 4-8 m s ¡1 , but no systematic variation with wind speed is found in any of the two datasets. The number of cases are limited: 12 for LLJ and 23 for NoLLJ (this large reduction in numbers of data compared to what was used in constructing Figs. 7(a) and (b) is due to the requirement for a valid sea surface temperature (SST) measurement; the SST sensor was very prone to damage by wave action). However, the standard deviation of the C H N estimates in each group is as low as 0:1 £ 10 ¡3 , making the difference of the mean values signi cant. The corresponding data in Table 2 from the spring 1995Östergarnsholm eld campaign has a mean value of C H N of 0:43 £ 10 ¡3 . As mentioned previously, we know that low-level wind maxima were common during this eld campaign, but the pilot-balloon soundings were too few to allow a strict division of data according to the occurrence/non-occurrence of a low-level wind maximum. The standard deviation for this dataset is double those for each of the two Nässkär datasets. Thus the observed mean and standard deviation are in accordance with what would be expected from the Nässkär data for a combination of roughly equal amounts of LLJ and NoLLJ data.
DISCUSSION AND CONCLUSIONS
It is clear from the above analysis of atmospheric data from two marine sites, that when there is a wind maximum present close to the surface (h < 300 m), lowfrequency turbulent energy in the surface layer is being suppressed relative to that for corresponding cases without such a low-level wind maximum. It is argued that shear sheltering is a mechanism which could explain the experimental ndings reported in this paper. Shear sheltering prevents 'detached' eddies generated by the shear in the layers above the wind maximum from penetrating down to the layers near the surface. It has also been demonstrated that this leads to a reduction of the sensible-heat ux at the surface-in the cases studied here the ux was cut to half of that found in NoLLJ cases. The mechanism is similar to that demonstrated by Hunt and Durbin (1999) with the aid of RDT and stability theory, that shear-sheltering effects will occur provided certain requirements are met:
² the horizontal velocity of the detached eddy must be close to the mean speed of the ow above the zone with strong shear;
² the size of the eddy must be appropriate.
It should be noted, however, that the present measurements give no direct information about the detached eddies, which are postulated to be present above the wind maximum. The observed signi cant reduction of the sensible-heat ux at the surface when there is a LLJ is relevant for parametrization of the energy balance at the surface in large-scale models in areas where such wind maxima are a common phenomenon, such as the Baltic Sea and other large enclosed seas. This paper is the rst study of how the shear-sheltering mechanism can alter turbulence spectra. This may have implications for load and fatigue calculations for 6 J in respect of offshore wind farms in coastal waters.
It is possible that shear sheltering is a phenomenon of far-reaching importance in geophysical ows, and it is interesting to speculate about possible further effects. Hunt and Durbin (1999) suggest that shear sheltering is effective in the roughness sublayer of a ow over a rough surface, the strong wind speed gradient preventing large eddies from penetrating down to the surface. Shear sheltering would then also be the cause of the zero-plane displacement effect for ow over rough surfaces. The above authors also refer to several studies of particular mesoscale weather phenomena which appear to be related to shear sheltering. On an even larger scale, it is speculated that the observed inability for cyclones to pass through the strong Antarctic circumpolar jet might also be a case of shear sheltering.
A very interesting case where shear sheltering is clearly not effective is in the 'normal' neutral atmospheric surface layer, i.e. the NoLLJ case, for which Högström et al. (2002) have shown that detached eddies of surface-layer-scale moving downwards accomplish most of the momentum exchange (together with upward motions on the same scale). In an earlier study by Högström and Bergström (1996) it was found that most of the momentum transport was achieved by organized motions within these surface-layer-scale structures. This means that air of greater than average velocity is brought down to layers near the surface. This is in agreement with the general result that near-equivalence of eddy horizontal velocity and mean velocity is required for shear sheltering to occur. Thus, eddies with rapidly moving air can overcome the effect of strong shear present in the surface layer. Hunt and Morrison (2000) and Hunt and Carlotti (2004) argue that this is possible only if the turbulent Reynolds number is large enough, as in the atmospheric case. In laboratory ows with low and medium Re, where the wall turbulence occupies a greater part of the boundary layer, shear sheltering effectively prevents the relatively weaker detached eddies from penetrating to the surface. This results in a boundary layer where turbulence is created near the surface and gradually diffuses upwards, the canonical boundary layer of turbulence text books.
where T ¤ .D ¡w 0 µ 0 =u ¤ / is the temperature-scale, and L is the Monin-Obukhov lengthscale: where z 0 and z 0T are the roughness lengths for momentum and heat, at which heights the extrapolated wind speed and temperature approach their surface value U s and µ s . U s is generally not larger than 10 ¡2 m s ¡1 and is usually set to zero. Ã m and Ã h are the integrated analytical forms of the non-dimensional gradients, Á m and Á h respectively: Concerning the Á m and Á h functions, expressions from Högström (1996) 
